The behavior of the Hadley circulation is analyzed in the context of an idealized axisymmetric atmosphere. It is argued that the cross-equatorial Hadley circulation exhibits two different regimes depending on the depth of the planetary boundary layer and the sea surface temperature gradient in the equatorial regions. The first regime corresponds to a classic direct circulation from the summer to winter hemisphere. The second regime differs in that the return flow rises above the boundary layer in the winter hemisphere and crosses the equator within the free troposphere. This equatorial jump is associated with a secondary maximum in precipitation on the winter side of the equator.
Introduction
The two Hadley cells are a dominant feature of the zonally averaged circulation. During fall and spring, air ascends in the equatorial regions, moves poleward in the upper troposphere, subsides in the subtropics, and flows back toward the equator in the lower troposphere. At the solstice, the ascent regions shift into the summer hemisphere, and the cross-equatorial branch of the circulation intensifies significantly. This overturning circulation carries heat, momentum, and water vapor, and, by doing so, changes the wind, temperature, and humidity distribution of the tropical atmosphere.
In the Tropics, the atmospheric circulation is closely tied to precipitation. When moist air ascends, its temperature drops, and water vapor condenses and precipitates. The ascending branch of the Hadley circulation thus corresponds to regions of intense, deep convection of the intertropical convergence zone (ITCZ). Understanding the distribution of precipitation remains an important question in climate science. General circulation models (GCMs) usually have difficulties reproducing the observed precipitation pattern as well as its vari-ability. From a theoretical perspective, it is usually considered that precipitation is controlled mostly by the sea surface temperature (SST) distribution (Lindzen and Nigam 1987) .
This paper argues that, in addition, the meridional overturning circulation also plays a significant role in determining the distribution of precipitation. An axisymmetric model is used to investigate dynamical constraints on low-level circulation and their impact on the precipitation. The planetary boundary layer (PBL) , that is, the region of the lower atmosphere that is directly affected by surface friction and energy fluxes, is of particular interest when considering the relationship between circulation and precipitation. There are two reasons for this. First, evaporation at the earth's surface is the primary energy source for the atmosphere. However, the latent heat of vaporization is only released when water vapor condenses. Since the lower troposphere contains most of the atmospheric water vapor, the transport of water vapor, and thus of latent heat, is dominated by the low-level flow. Second, since the PBL feels the effect of surface friction, its dynamical behavior is different from the upper troposphere, which can be viewed as mostly inviscid. Hence, the dynamics of the PBL flow can affect water vapor transport and precipitation.
It is shown here that there are two distinct regimes for the cross-equatorial Hadley circulation. The first re-gime is a classic direct circulation, with the ITCZ located over the warm SST and subsidence in the winter hemisphere. The second regime exhibits a horseshoelike circulation where the return flow of the Hadley circulation rises above the PBL in the winter hemisphere, crosses the equator within the free troposphere, and subsides on the summer side before reaching the main ascending regions. This equatorial jump is associated with a second maximum in the winter hemisphere. The transition between these two regimes is primarily controlled by dynamical constraints on the PBL flow.
The Hadley circulation is discussed here in the context of an idealized axisymmetric model. Midlatitude eddies extend the mass, heat, momentum, and water transports from the subtropics into the midlatitudes and polar regions. Because of this, the Hadley circulation can only be fully understood in connection with midlatitude weather systems. Nevertheless, axisymmetric models of the atmosphere, which cannot account for the effects of the eddies, have proven to be quite successful at providing insights into the behavior of the Hadley circulation. Such axisymmetric models have been used by several authors to investigate the behavior of the Hadley cell. Schneider (1977) points out the importance of advection of angular momentum in determining the response of an axially symmetric atmosphere to heat sources in the Tropics. Held and Hou (1980) show that a nonlinear, angular-momentum conserving circulation is present in the limit of vanishing viscosity. This axisymmetric Hadley cell is confined to the subtropics while the rest of the atmosphere is in radiative-convective equilibrium. However, the mass transport obtained in Held and Hou (1980) is significantly weaker than that indicated by observations (see, e.g., Peixoto and Oort 1992) . Lindzen and Hou (1988) show that a small displacement of the heat source away from the equator produces a much stronger cross-equatorial circulation. This leads to a description of the annual-mean Hadley circulation as resulting from the averaging of two strong cross-equatorial cells. Interestingly, the intensity of the circulation obtained in Lindzen and Hou (1988) is similar to that of the observed Hadley circulation. That an axisymmetric model produces realistic behavior might be explained in part by the fact that, around the solstice, easterly winds shield the equatorial regions from the influence of midlatitude disturbances. Hence, despite their inherent limitations, studies of idealized cross-equatorial axisymmetric Hadley cells provide a good basis for investigating the overturning largescale circulation in the equatorial regions. This paper focuses on the dynamical feedbacks between the large-scale overturning circulation and the meridional distribution of precipitation. Previous investigations with axisymmetric models have mostly relied on dry thermodynamics: latent heat release is accounted for only as part of the prescribed external forcing, but there is no dynamic treatment of water vapor. Such studies have shown that the behavior of the Hadley circulation is highly sensitive to the location of precipitation (Lindzen and Hou 1988) , and to its meridional extent (Hou and Lindzen 1992) . Some results for dry circulation have already been extended to a moist atmosphere, such as Numaguti (1993) , Satoh (1994) , and Emanuel et al. (1994) , who derive the equivalent to the Held and Hou criterion for a moist atmosphere. It remains that to obtain a self-consistent theory of the Hadley circulation, one must address the issue of how the large-scale flow affects the latitudinal distribution of precipitation.
The potential temperature tendency can be written as
Here, is the potential temperature, f rad is the radiative forcing, and cnv is the convective heating rate. In Held and Hou (1980) , these two terms are replaced by a relaxation toward a prescribed radiative-convective equilibrium temperature:
E dt
Here, E is the potential temperature in radiative-convective equilibrium as a function of height and latitude and ␣ Ϫ1 is the relaxation time scale. The Newtonian cooling ␣( E Ϫ ) can be viewed as an ad hoc parameterization for radiative cooling. It is more difficult to justify its use for latent heat release. It is still possible to choose the radiative-equilibrium temperature distribution in such a way as to reproduce some of the effects of latent heating, for example, by choosing E to be close to a moist adiabat, and by reducing the relaxation time scale in regions of deep convection, such as in Fang and Tung (1996) . In this case, one can view a ''dry experiment'' as analyzing the atmospheric response to a prescribed distribution of precipitation. The drawback of this approach lies in that the dominant balance in Eq. (2) is between the vertical advection of potential temperature and the diabatic heating:
Because variations of are usually smaller than the variation of E , this dominant balance (3) implies a very close relationship between vertical velocity (w) and E . The structure of the overturning circulation can be, in most cases, directly determined from the meridional distribution of radiative-convective equilibrium temperature alone. In a moist atmosphere however, the largescale flow transports water vapor and modifies the distribution of precipitation. This in turn changes the latent heat release and the overturning circulation. Such dynamical feedbacks affect not only the latitudinal distribution of precipitation, but can also modify the vertical distribution of the latent heat release. The importance of the boundary layer for the Hadley P A U L U I S circulation has already been emphasized by previous studies. In Held and Hou (1980) , the flow is divided into an upper-tropospheric, an angular-momentum-conserving branch, and a return flow in the lower troposphere. This return flow is directly affected by surface friction. It is argued in section 2 that this description is too simplistic and overlooks the possibility for part of the return to occur above the boundary layer. A key constraint here is that there must be a meridional pressure gradient within the PBL in order to balance the surface friction. In the equatorial regions, such a pressure gradient is mostly the result of a density gradient within the PBL, as argued by Lindzen and Nigam (1987) . The return flow of the Hadley circulation can cross the equator in the PBL only if there is a strong enough cross-equatorial temperature gradient. Otherwise, the equator can act as a barrier for the return flow, which must then cross the equator within the free troposphere. Section 3 shows that these dynamical constraints on the PBL flow can affect the distribution of precipitation. By varying the thickness of the PBL in a simple model, one can obtain two distinct regimes for the cross-equatorial Hadley circulation. The first regime, occurring for a thick PBL, corresponds to the ''classic'' Hadley circulation with a single overturning cell. Air rises over regions of warm SST in the summer hemisphere, crosses the equator near the tropopause, subsides in the subtropics of the winter hemisphere, and returns within the PBL. The second regime differs in that the return flow rises above the PBL in the winter hemisphere, crosses the equator in the free troposphere, and subsides in the summer hemisphere, giving the overturning circulation a horseshoe shape. This equatorial jump is associated with a secondary maximum of precipitation on the winter side of the equator.
Section 4 analyzes the differences between dry and moist Hadley circulations. While the dynamical constraints on the flow in the PBL are the same in a dry and a moist atmosphere, the feedbacks between circulation and precipitation modify how the atmosphere responds to the presence of this equatorial barrier. Section 5 discusses the implications of this work for the current understanding of the cross-equatorial circulation.
Theory

a. Model equations
An idealized axisymmetric model is constructed here to investigate the role of the PBL in the Hadley circulation. The atmosphere is divided vertically into two parts: a free atmosphere above and a PBL near the surface. For simplicity, the PBL is represented here as a mixed layer (ML) of constant depth, within which turbulence instantly homogenizes the horizontal momentum through the ML. As such, this ML is at best an ad hoc representation of the PBL. Nevertheless, this is enough to produce complex interactions with the Hadley circulation, as is illustrated in section 3.
In the free atmosphere, the equations for the angular momentum budget, meridional momentum budget, hydrostatic balance, and continuity can be written as
The vertical coordinate used here is log pressure defined as z* ϭ H r ln(pr/p), where H r is an arbitrary reference height, usually taken to the reference-scale height RT/g and p r is a reference pressure taken here to be the average surface pressure. The vertical velocity is w* ϭ dz*/dt ϭ ϪH r (/p), with the rate of change of pressure, and u and are the zonal and meridional wind. The pressure p ϭ p r exp(Ϫz*/H r ) acts as the density in log pressure coordinates. The angular momentum M is given by M ϭ ⍀a 2 cos 2 ϩ ua cos, where ⍀ is the rotation rate of the earth, a is its radius, is the latitude, f ϭ 2⍀ sin is the local value Coriolis parameter, and is the viscosity. The geopotential height is ⌽, and
is the virtual temperature, with R d and R the gas constants for dry air and water vapor, and r the mixing ratio of water vapor.
The ML layer is treated here as a single layer of constant thickness in which the zonal and meridional winds are constant. The index b refers to the value of a variable within the ML, while the index f refers to a variable in the free troposphere right above the ML. Hence, u b , b , and M b are, respectively, the zonal wind, meridional wind, and angular momentum in the ML, while u f , f , and M f are the values of the same variables measured right above the ML.
The angular momentum tendency can be obtained by integrating (4) between the surface and the top of the ML, and assuming that the viscous flux vanishes at the top of the ML. This yields
Here, is the vertical velocity at the top of the ML. w* b (Note that w is still a function of height within the ML.) The pressure thickness of the ML is ⌬P ϭ p 0 Ϫ p b and is assumed to be constant, with p b the pressure at the top of the ML. The surface flux of the angular momentum is F M,0 , and it is assumed that the momentum flux vanishes at the top of the ML.
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The ML momentum budget in the meridional direction is derived by integrating (5):
The terms on the left-hand side are, respectively, the time tendency, meridional advection, spherical geometry term, and vertical advection of meridional momentum. The first term on the right-hand side accounts for the Coriolis acceleration through the ML, the second term, ‫ץ/‪⌽‬ץ‬ | b, is the geopotential gradient averaged over the ML, and the third term is the surface friction.
The geopotential gradient at any level z* in the ML can be obtained by integrating the hydrostatic relationship (6) from the top of the ML to the level p:
In the free troposphere, right above the ML, the flow can be assumed to be in geostrophic balance. This yields
f a ‫ץ‬ with u f the zonal velocity right above the ML. Hence, the averaged geopotential gradient within the ML can be approximated by
where it has been assumed that the virtual temperature gradient is constant through the mixed layer. The geopotential gradient can thus be decomposed as the sum of the gradient at the top of the ML and a contribution of the virtual temperature gradient.
These dynamical equations are completed by equations for potential temperature and water vapor. The tendency for the potential temperature is given by
cnv rad
where f rad represents the change in potential temperature due to radiative cooling. For simplicity, the potential temperature tendencies due to deep and shallow convection are gathered into a single term cnv . The water vapor budget is written as
cnv ‫ץ‬t a ‫ץ‬ ‫ץ‬z* with ṙ cnv the change due to convection.
To solve the set of equations (4)- (14), it is necessary to specify the surface fluxes, the radiative cooling rate f rad , and the convective tendencies ṙ cnv and cnv . The surface fluxes are obtained from a bulk formulation:
, 
b. The inviscid limit
Because the molecular viscosity of air is very small, one can first consider the case ϭ 0 and ⌬H ϭ 0. Held and Hou (1980) consider a first solution to (4)- (14) in which the atmosphere is in local radiative-convective equilibrium (RCE). This solution is characterized by (a) a balance between radiative cooling and convective heating f rad ϩ cnv ϭ 0, (b) the absence of any circulation ϭ ϭ 0 , and (c) the zonal wind in gradient wind balance.
However, the viscosity of the air, while small, is not zero. Instead of the case ϭ 0, one should study the inviscid limit, that is, the lim → 0 ϩ of an infinitesimally small viscosity. Held and Hou (1980) argue that the RCE solution can be singular; that is, the viscous solution does not converge toward the RCE solution for → 0 ϩ . In a steady flow in a viscous, axisymmetric atmosphere, any local extrema of angular momentum must be located at the lower boundary of the domain. The RCE solution is singular when the RCE temperature distribution presents a horizontal gradient larger than a certain threshold. In this case, the inviscid limit differs from the the RCE solution by the presence of an overturning circulation. This circulation is limited to a specific portion of the atmosphere, outside which the RCE solution still applies. In the simplest cases, the circulation consists of two Hadley-like overturning cells in the Tropics. It redistributes angular momentum and energy and, by doing so, maintains the temperature and humidity distributions in these regions away from the local radiative-convective equilibrium. As long as the meridional velocity remains small, the meridional momentum budget (5) can be approximated by the gradient wind balance, and the temperature distribution can be derived from the zonal wind profile through the thermal wind relationship.
In the inviscid limit, angular momentum is conserved P A U L U I S away from a thin surface layer at the lower boundary. The tropopause is determined by the trajectory of the highest reaching parcel, and corresponds to a surface of constant angular momentum. More generally, all streamlines of the circulation in the free troposphere are also surfaces of constant angular momentum. At the lower boundary, the angular momentum is modified by surface friction. However, in the absence of a mixed layer, the friction is only felt through a thin surface layer of thickness proportional to 1/2 . In the inviscid limit, the surface layer thickness is only an infinitesimal portion of the atmosphere, and surface friction can only affect a very small fraction of the flow. Hence, angular momentum is almost conserved in the return flow. For a steady circulation, Fang and Tung (1996) show that the angular momentum would be homogenized within any regions with an overturning circulation, and the thermal wind relationship implies that there is no horizontal temperature gradient within these regions. As the boundary between the overturning cell and the rest of the atmosphere also corresponds to a parcel trajectory, it is also characterized by a discontinuity in angular momentum. This also implies a discontinuity in temperature because of the hydrostatic and gradient wind balance: the edge of the Hadley cell behaves as a sloping front.
The ''purely'' inviscid limit in which the viscosity goes uniformly to 0 through the whole atmosphere is not the most relevant for the earth's atmosphere. Indeed, turbulence and shallow convection continuously mix angular momentum through the planetary boundary layer. Held and Hou (1980) actually consider this alternative limit and not the purely inviscid limit in their discussion of the return flow. The inviscid limit corresponds to the case of taking simultaneously the limit of → 0 ϩ and ⌬H → 0.
c. Dynamical constraints on the flow in the mixed layer
For a weak overturning circulation, the equations can be linearized for a reference state at rest. For a steady flow, the linearized angular-and meridional-momentum equations (8) and (9) 
where is a frictional dissipation time scale given by
The zonal and meridional wind distribution can be obtained from (19), (20) for a given meridional geopotential gradient:
The decomposition of the geopotential gradient between a free-tropospheric contribution and a temperature contribution (12) yields a similar decomposition for the meridional velocity:
Here, T is the meridional flow induced by a temperature gradient within the ML:
Similarly, w is the boundary layer flow driven by the geopotential gradient in the free troposphere and is directly related to the zonal wind u f right above the ML, with
The zonal wind in the free troposphere is constrained by angular momentum conservation. The angular momentum of an air parcel in the free troposphere must be between the angular momentum of the solid-body rotation in the ascent region and the corresponding value at the equator. If the large-scale ascent is localized at latitude 0 , the zonal wind is bound by In the absence of a temperature gradient, the ML flow is driven solely by the free-tropospheric pressure gradient. In this case, an equatorward wind in the ML requires an equator-to-pole pressure gradient, and is associated with easterly wind in the free troposphere, as indicated by (26). A bound on equatorward velocity is obtained by taking the lower bound for u f in (27), that is, by assuming that the wind in the free troposphere has the angular momentum of the solid-body rotation in the ascending regions. This yields wind in the free troposphere has the angular momentum of the solid-body rotation at the equator:
w cos The upper bound on the poleward flow is proportional to the third power of the distance from the equator. The asymmetry between equatorward and poleward flow is a direct consequence of angular momentum conservation imposing different constraints on easterly and westerly winds.
In the absence of temperature gradients, the magnitude of the meridional wind is bounded by (28) and (29). These constraints are illustrated in Fig. 1 for a hypothetical flow with the ascent regions located at 0 ϭ 15ЊN and a frictional dissipation time of ϭ 1 day. These bounds are due to the fact that geopotential gradients in the free troposphere are particularly weak in the equatorial regions and are, therefore, inefficient at driving a cross-equatorial flow in the ML. The flow illustrated in Fig. 1 is associated with ascending motion on the winter side of the equator and weak subsidence on the summer side. Notice that such a flow also requires the wind in the free troposphere to be easterly on the winter side of the equator and westerly on the summer side. Such a change in the wind pattern can only occur if there is some ascent in the equatorial regions.
Temperature gradients in the ML generate a flow from the colder regions to the warmer regions, as indicated by (25), and can drive a cross-equatorial flow within the ML. There are thus two possible situations. On the one hand, a strong enough temperature gradient or thick enough ML can generate sufficient cross-equatorial geopotential gradient for the return flow to occur within the ML. On the other hand, for a weak temperature gradient or a thin ML, the temperature driven cross-equatorial flow is smaller than the ML flow in the subtropics, and a large fraction of the return flow must rise above the ML in the winter hemisphere and cross the equator in the free troposphere.
A uniform temperature gradient within the ML results in a geopotential gradient proportional to the ML thickness. Equations (25) and (21) indicate that the corresponding meridional wind would be proportional to the square of the ML thickness and, therefore, that the ML mass transport is proportional to the third power of the mixed layer depth. As the cross-equatorial mass transport is primarily due to the temperature gradient, one expects thus that a portion of the return flow that crosses the equator within the ML will be highly sensitive to the PBL depth in the equatorial regions.
The constraints on the return flow have been derived from the linearized momentum budgets (19)- (20) in which the dominant balance is between the meridional pressure gradient and surface friction. For a strong enough circulation, advection might change the behavior of the flow. Horizontal advection of meridional momentum has a limited impact as long as the ML wind remains small (of the order of a few meters per second). For earthlike conditions, it is insufficient to drive a significant cross-equatorial flow. Advection of angular momentum only affects the angular momentum budget and cannot by itself generate a meridional acceleration of the flow. Entrainment may potentially drive a circulation in the ML. It is, however, limited to regions with largescale subsidence and drives an ML flow in the same direction as the flow in the free troposphere. The corresponding meridional velocity is proportional to ഠ ,
b,e f ϩ e with e ϭ H r ⌬P/(p b w b ) a subsidence time scale and f the meridional wind in the free troposphere. As the subsidence time scale is much smaller than the frictional time scale, e K , entrainment can only drive an ML circulation that is much weaker than the corresponding circulation in the free troposphere. Hence, although entrainment may have a significant impact on the ML flow, the flow that is generated this way will always be small in comparison to the circulation in the free troposphere. Although this discussion has been primarily concerned with the cross-equatorial flows, the constraints on the mixed layer flow also have implications for a Hadley circulation centered at the equator. For air rising at the equator, conservation of angular momentum indicates that westerlies will be present in the free troposphere. Hence, the equator corresponds to an area of high geopotential, preventing an equatorward circulation in the ML. Most of the axisymmetric Hadley circulation, including the return flow, will occur in the free troposphere. A circulation can exist within the ML if either strong temperature gradients are present in the ML, or if there is strong enough easterly wind in the free troposphere. This, however, requires a significant exchange of momentum between the Tropics and extratropics (e.g., due to the action of baroclinic eddies). In the context of an axisymmetric model, this suggests that the equatorially centered Hadley cell is much wider in the upper troposphere than near the surface, as is apparent in the simulations of Held and Hou (1980) , and that the low-level flow is highly sensitive to the angular momentum exchange at the edge of the Hadley cell.
Numerical model
The sensitivity of the cross-equatorial Hadley circulation to the mixed layer depth is investigated in a set of numerical experiments. The model used here has been developed in collaboration with S. Bony at the Massachusetts Institute of Technology (MIT) and is similar to that used in Pauluis and Emanuel (2004) . The dynamical core is based on the MITGCM (Hill and Marshall 1995; Marshall et al. 1997; Adcroft et al. 1999 ). Convective energy and water vapor transports are obtained by using the convective parameterization of Emanuel and Zivkovic-Rothman (1999) . To remain as close as possible to the inviscid limit, the viscosity and diffusivity are kept as small as possible (100 Pa 2 s Ϫ1 ), and the convective transport of momentum has been removed from the convective parameterization, in order to remain as close as possible to the theoretical inviscid limit. Tests with the convective transport of momentum did not differ significantly from the results presented here. A numerical fourth-order Shapiro filter is used in the horizontal directions in order to remove numerical noise at small scales. Surface fluxes are given by the bulk formulas (15) Fig. 7 , and 0 ϭ 20Њ for the experiment in Fig. 8 ). These SST distributions are illustrated in Fig. 2 . This SST distribution has a maximum in the tropical regions, while being constant in the extratropics. This distribution violates the Held and Hou criterion generalized for a moist atmosphere (see Emanuel et al. 1994) , so as to produce an axisymmetric overturning circulation. The troposphere is cooled by using a Newtonian relaxation: temperature is relaxed toward an ''equilibrium'' value given by T e ϭ min(240 Ϫ p/100, 200) K, with p expressed in hectopascals. The relaxation time scale is 40 days. This Newtonian cooling produces a fairly homogeneous radiative cooling of approximately 1 K day Ϫ1 throughout the troposphere and maintains the stratosphere at a constant temperature of 200 K. Notice that the Newtonian cooling is independent of the latitude, so that the presence of a circulation results only from the variations of SST. In the mixed layer, the horizontal velocities are homogenized over a time scale of 20 min. The vertical mixing does not affect the thermodynamical variables (potential temperature and water vapor). This has already been done within the convective parameterization. The mixed layer thickness ⌬P is constant over the whole domain. The axisymmetric grid resolution is 25 hPa in the vertical direction and 1.5Њ in the latitudinal direction. The experiments are run for a period of 200 days, with only the last 100 days used for the diagnostics. To illustrate the transition between a thin and a thick layer, three cases are discussed here, for different mixed layer thicknesses of ⌬P ϭ 50, 100, and 200 hPa respectively. The resulting circulations are shown in Figs. 3-5. The SST maximum off the equator is associated with very strong ascent and precipitation, corresponding to the ascending branch of a strong cross-equatorial Hadley circulation. The flow crosses the equator in the upper troposphere and subsides in the subtropics of the Southern Hemisphere, where the convective activity is suppressed. The intensity of the Hadley circulation, measured as the maximum streamfunction, appears not to be affected by the change in the ML depth.
The main difference occurs in the equatorial regions. The 200-hPa case corresponds to the classic view on the Hadley circulation, with the return flow taking place mostly within the ML. There is also a significant amount of precipitation between the equator and the SST maximum. In contrast, in both the 50-and the 100-hPa cases, the cross-equatorial Hadley circulation results in a strong return flow in the ML in the winter hemisphere. This return flow rises in the winter hemisphere, crosses the equator within the free troposphere, and subsides in the summer hemisphere between the equator and the SST maximum. This equatorial jump is associated with a secondary maximum of precipitation. The presence of the secondary maximum of precipitation does not affect the main maximum over the warm SST. Figure 6 shows the meridional velocity at the lowest level of the model (987.5 hPa). In the 50-and 100-hPa cases, there is a sharp drop of the meridional velocity in the equatorial regions. This drop of velocity is associated with the ascent regions on the winter side of the equator. Comparing Figs. 1 and 6 indicates that regions of weak meridional velocity correspond to the regions where the pressure gradient in the free troposphere is too weak to drive a strong flow in the ML. The regions of weak meridional wind are displaced slightly into the summer hemisphere, which is probably a result of the horizontal advection of the meridional momentum.
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Two more experiments are presented in Figs. 7 and 8. In these experiments, the maximum SST is displaced to 0 ϭ 10ЊN (Fig. 7) and 0 ϭ 20ЊN (Fig. 8) . In both cases, the mixed layer depth ⌬P is 100 hPa, so that these experiments can be directly compared to that in Fig. 4 . When the SST maximum is close to the equator so that there is a large SST gradient in the equatorial regions, a strong flow can cross the equator within the ML. Conversely, when the SST maximum is far away from the equator, and there is little SST gradient, the secondary maximum of precipitation is located farther away from the equator in the winter hemisphere, and the horseshoe-shaped character of the circulation is even more pronounced. The precipitation pattern in Fig. 8 is reminiscent of the precipitation pattern over the Indian Ocean during the northern summer, when a maximum of precipitation is present on the southern (winter) side of the equator.
Finally, to underline the differences between the dry and moist dynamics, an additional run is performed in which the moist dynamics are replaced by a simple relaxation toward the radiative-convective equilibrium profile. The radiative-convective equilibrium used here corresponds to the same SST distribution and the same Newtonian cooling as the moist simulations. The overturning for a ML depth of 50 hPa is shown in Fig. 9 . An equatorial jump is also present in the dry simulation. However, while the jump in the moist case easily reaches the middle troposphere, the ascent is limited in the dry case, with air barely rising above the ML. A similar feature can be observed in the simulations presented by Plumb and Hou (1992) .
Moist convection and equatorial ascent
The dynamical constraints on the PBL flow apply equally to dry and moist atmospheres. Indeed, both dry and moist simulations exhibit an equatorial jump. However, the ascent is much shallower in the dry circulation, barely rising above the PBL. The role of moist convection in strengthening and deepening the equatorial ascent is now discussed.
Consider first the dry case. The equatorial jump can be viewed as a small perturbation on a direct overturning cell for which all the return flow takes place in the ML. The discussion in section 2 indicates that the meridional pressure gradient can be insufficient to drive the crossequatorial flow. Let us define F as the net, unbalanced, acceleration toward the winter hemisphere in the ML:
One can compute the atmospheric response to a forcing F in the boundary layer. Assuming that the flow behaves linearly in the equatorial region, one can then view the atmospheric circulation as the superposition of a Hadley cell and an equatorial jump resulting from the excess surface friction at the lower boundary. For simplicity, the equations of motion [(4)- (7)] and the potential temperature equation (13) are linearized for a reference atmosphere at rest, and the spherical geometry is replaced by a beta-plane approximation. This yields f Ϫ ␥u ϭ 0, 
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The horizontal coordinate is the distance away from the equator y ϭ a sin, so that the Coriolis parameter is f ϭ ␤y. The perturbation geopotential is Ј, while is the potential temperature of the reference state. The quantity g* ϭ ‫ץ‬ z* is the vertical gradient of geopo-⌽ tential in the reference state. (In log pressure coordinates, it is not necessarily constant, but a proper choice of the reference height H r can make it close to the gravitational acceleration.) A small damping term Ϫ␥uЈ is included in the zonal momentum equation. This problem bears some similarities to the downward control of stratospheric circulation forced by a Rossby wave drag, as discussed, for example, by Plumb and Eluszkiewicz (1999) . The main difference lies in the fact that the flow is forced by a meridional momentum forcing at the lower boundary instead of a zonal acceleration in the interior. As for the stratospheric flow, the drag on the zonal momentum is required to obtain a linear solution.
Equations (32)- (36) yield the PDE for ⌽Ј: 
The lower-boundary condition is obtained by requiring that the net acceleration in the boundary layer is balancing the excess friction (31). This yields
where ⌿(z) ϭ Ј dz is the streamfunction. The so-ϱ # z lution can be computed analytically as an expansion in the horizontal modes. Assuming that the meridional boundaries are far enough from the regions of the forcing, the atmospheric response is dominated by eigenmodes with a meridional extent similar to that of the forcing. For the equatorial jump, taking Y n ഠ 500 km, N ഠ 10 Ϫ2 s Ϫ1 , H r ഠ 8 km, and ␣/␥ ഠ 1 yields a vertical scale height of approximately 250 m. The equatorial jump is shallow in the case of a strongly stratified dry atmosphere.
In a moist atmosphere, the adiabatic cooling in the ascent regions is partially compensated for by latent heat release. This can be viewed as a reduction of the gross moist stability of the atmosphere. Replacing the dry static stability by a weaker gross moist stability Ͻ 2 N eff N 2 in (34) indicates the equatorial jump in a moist atmosphere would be deeper by a factor of N/N eff .
What is the gross moist stability for the equatorial jump? The exact answer depends on the assumptions made about the behavior of convection. Different lines of arguments (Neelind and Held 1987; Emanuel et al. 1994; Yu et al. 1998) as well as observations (Wheeler and Kiladis 1999) indicate that the gross moist stability for a moist convective-gravity wave should be approximately one-tenth of the dry static stability: ഠ 2 N eff 0.1N 2 . This corresponds to an equatorial jump about three times deeper in a moist atmosphere than in a dry atmosphere, all else being equal, and one would expect the flow to rise about 1 km or so above the ML. One might, however, question whether the gross moist stability of the equatorial jump should be similar to that observed in convective gravity waves, as the large-scale forcing producing the equatorial jump differs from the forcing on convective gravity waves both in terms of its frequency and its vertical structure. Comparing the dry and moist simulations indicates indeed that the moist equatorial jump is consistent with a gross moist stability much lower than that of convective-gravity waves.
One approach to determining the effective stratification is to analyze the energy budget of the convective regions. The meridional energy transport by an atmospheric flow is given by
͵ g 0 where C p T ϩ L q is the enthalpy of moist air, including the latent heat of vaporization, and ke ϭ 1/2(u 2 ϩ 2 ϩ w 2 ) is the kinetic energy. In the equatorial regions, the transport of kinetic energy can generally be neglected and the energy transport is, to a very good approximation, equal to the transport of moist static energy
A key feature of the tropical atmosphere is the presence of a minimum of moist static energy around 500-600 hPa. The existence of this minimum can be understood from the fact that, although the temperature of the tropical atmosphere is very close to that of a moist adiabat, the middle troposphere is far from saturation, and its moist static energy is thus lower than that of either the boundary layer or that of the upper troposphere. Consider a steady flow ascending from the PBL to some level in the lower troposphere, below the minimum of moist static energy. Such flow would result in a net convergence of moist static energy into the column. If this flow is perturbed so that the ascent is reinforced, this would reinforce the energy transport into the ascent region. If this inflow of energy results in an actual increase in temperature, 1 then this temperature change produces a pressure gradient that reinforces the initial perturbation. A flow that results in an energy convergence into the ascending regions would be unstable to small perturbations. A stable flow requires the air to rise above the minimum of the moist static energy, so that the circulation exports heat from the ascending regions.
The energy export by the circulation in an atmospheric column can be approximated by
The approximation is due to the fact that the transport of kinetic energy and the horizontal gradient of moist static energy have been neglected. The moist static energy distribution of the 100-hPa simulation is used to compute the energy transport for various hypothetical vertical velocity profiles with
for p Ͼ p T and ϭ 0 otherwise. The results of this calculation are shown in Fig. 10 . In the equatorial regions, shallow ascent results in a net energy convergence into the atmospheric column. The ascent must rise to 500 hPa or above in order to generate a net energy export. Using the vertical velocity profile from the simulations (shown in Fig. 11 ) indicates 1 An increase in the energy content of the atmosphere must be associated with either an increase in temperature or an increase in the amount of water vapor. On a short time scale, moistening of the lower troposphere can lead to a temperature drop even when the total energy content of the atmosphere increases. On a longer time scale, however, the amount of water vapor is limited by saturation, and the energy content of the atmosphere cannot be increased indefinitely without also increasing the atmospheric temperature.
that there is a weak energy convergence in the equatorial regions of the order of 2 kJ kg Ϫ1 . However, if one restricts the calculation to the ascent occurring below 250 hPa, one finds a very weak energy transport into the convective regions (less than 200 J kg Ϫ1 ). Similar calculations for other latitudes indicate that the ascent in the equatorial jump is associated with very weak energy flow, varying between a net import of 2 kJ kg Ϫ1 to an export of 2 kJ kg Ϫ1 , and is thus consistent with a very weak gross moist stability. This contrasts with the ascent regions over the warm SST, which are associated with a strong transport of energy of 12-15 kJ kg Ϫ1 out of these regions. The weak gross moist stability also implies that the presence of an equatorial jump does not affect the energy transport by the Hadley circulation and, therefore, has a limited impact on the total mass transport.
A fundamental assumption in this argument is that the latent heat of vaporization is converted into sensible heat. This essentially requires precipitation to take place in the ascending regions. Hence, one expects two different behaviors for the equatorial jump, depending on the behavior of convection. On the one hand, in the absence of precipitation, the atmosphere behaves as a dry atmosphere, and exhibits a shallow jump of a few hundred meters above the PBL. In this case, the equatorial jump might be simply associated with a deepening of the PBL. On the other hand, once precipitation is initiated, the ascent must rise above the midtropospheric moist static energy minimum and establish a weak effective stratification.
Conclusions
It has been shown here that the depth of the planetary boundary layer can significantly affect the Hadley circulation and the meridional distribution of precipitation. Two different regimes for the cross-equatorial Hadley cell were identified. The first regime occurs for a deep boundary layer and exhibits a single direct cell, with the return flow taking place in the PBL. The second regime occurs for a thin boundary layer, and is characterized by the presence of an ''equatorial jump'': the return flow rises above the PBL in the winter hemisphere, crosses the equator in the free troposphere, and subsides in the PBL on the summer side of the equator. This equatorial jump is associated with a secondary maximum in the precipitation in the winter hemisphere.
This behavior results from dynamical constraints on the PBL flow. In the equatorial regions, the pressure gradients in the free troposphere are particularly weak. The pressure gradient in the ML that is required to sustain any cross-equatorial flow against surface friction must be generated through density gradients within the ML, in a way similar to that discussed by Lindzen and Nigam (1987) . The mass transport that can be produced by a given density gradient within the ML is proportional to the third power of the boundary layer thickness. This makes the return flow highly sensitive to the ML dynamics. For a thick ML or a large temperature gradient, a large-enough meridional pressure gradient exists in the equatorial regions to drive a strong cross-equatorial flow. Conversely, for a thin boundary layer, the equator acts as a barrier that forces the return flow to rise above the ML and to cross the equator in the free troposphere.
The equatorial jump occurs in both dry and moist simulations of the cross-equatorial circulation. However, in a dry atmosphere, the return flow barely rises above the ML, while in a moist atmosphere, it rises all the way to the middle troposphere. This difference is viewed as resulting from the weaker gross moist stability in the moist atmosphere due to the compensation between latent heat release and adiabatic cooling. An analysis of the energy transport indicates that the gross moist stability of the equatorial jump is significantly lower than that of moist convective-gravity waves described by Emanuel et al. (1994) . It is suggested here that, when precipitation is present, the equatorial jump must rise above the minimum of the moist static energy in the middle atmosphere in order to establish a weak but positive gross moist stability.
In this study, the PBL is represented by a mixed layer of constant thickness. This is a fairly strong simplification, given that the horizontal wind is rarely uniform within the PBL, and that the depth of the PBL varies between less than 100 hPa and more than 200 hPa in the Tropics. Moreover, the idealized radiative forcing used here does not include any cloud-radiative feedbacks. A different representation of the PBL or of the radiation might change the behavior of the cross-equatorial flow, particularly if it affects the transition between nonprecipitating and precipitating convection. For example, in response to dynamical forcing, the PBL might deepen sufficiently near the equator to allow all the return flow to cross the equator within the PBL.
Despite its simplicity, the axisymmetric model points to the central issue of whether the atmosphere can maintain a sufficiently strong cross-equatorial pressure gradient. It might be that, for the current climate, the PBL is deep enough and the SST gradients are large enough so that the Hadley circulation picture is in the classic direct cell regime. However, recent observations by Liu and Xie (2002) indicate the presence of a low-level convergence zone south of the equator in the eastern Pacific. This low-level convergence zone is associated with a weakening of the meridional pressure gradient and meridional wind as the flow approaches the equator, in a way similar to the idealized flows discussed here. Interestingly, this also corresponds to the region where GCMs exhibit a double ITCZ feature. A possible explanation is that these GCMs properly reproduce the dynamical constraints that force the low-level convergence, but they overreact by initiating deep precipitating convection and a deep equatorial jump, while the real atmosphere might only exhibit a weak equatorial jump in the absence of precipitation. These issues require further investigation, but the idealized model clearly indicates that momentum mixing in the PBL can strongly affect the distribution of precipitation in the equatorial regions.
